Significant progress has been made in the area of upper ocean responses and air-sea interactions during the passage of tropical cyclones (TC) since the first edition published in 1992. In terms of the upper ocean impacts on intensity, considerable attention has focused on the three-dimensional cold wake structure and the negative feedback due to ocean mixed layer cooling by shear-induced vertical mixing in quiescent oceans. By contrast, in the western parts of the oceanic basins where the ocean state is not at rest, strong currents (e.g., Kuroshio, Gulf Stream) transport warm water poleward as part of the gyre circulation. In these regimes, the upper ocean current shears do not necessarily develop as in regions with shallow ocean mixed layers where significant sea surface cooling often occurs. Transports by these energetic western boundary currents tend to be resistive to shear-induced ocean mixing events since the mixed layer is already deep and the thermal response (or sea surface temperature cooling) tends to be minimized. The implication is since the oceanic mixed layers do not significantly cool during TC passage, there is a more sustained heat flux to the atmospheric boundary layer, thus representing an important mechanism for observed deepening of recently observed severe TCs.
Background

Early Studies
It has long been recognized that tropical cyclones (TCs) derive their energy primarily from the release of latent heat upon condensation of water vapor in the atmospheric boundary layer (Ooyama, 1969) . That is, it is necessary to have a moisture source, such as the ocean where surface temperatures have to be sufficiently warm (often taken as ≥26
• C)
to maintain a moisture flux from the ocean to the atmosphere (Palmen, 1948) . Perlroth (1969) emphasized the importance of oceanic temperatures of 26 • C (∼78 • F) on TC intensity via this heat and moisture transfer between the two fluids. He related ocean thermal structure difference (∆T ) between the sea surface temperature (SST) and subsurface temperatures at 200-feet using historical analyses in the Atlantic Ocean basin and TC activity. Approximately 90% of the tropical storms reached TC status when ∆T < 4 • C (weakly stratified) while only 4% of the tropical storms reached TC status when ∆T > 8 • C (strongly stratified). Leipper and Volgenau (1972) subsequently demonstrated that the 26 • C isotherm depth and the upper ocean's thermal structure, known as oceanic heat content (OHC), has important implications on TC intensity variations:
where c p is specific heat at constant pressure, D26 is the 26 • C isotherm depth, and OHC is zero when SST decrease to less than 26
• C. While their measurements were not acquired under directly forced TC conditions, OHC differences between pre and post TC in the Gulf of Mexico demonstrated the relative importance of this measure of thermal energy. Even these early studies pointed to the importance of subsurface stratification (upper ocean thermal structure) and warm water advection by currents on TC intensity. Obviously, there are linkages between OHC variability and air-sea fluxes on equivalent potential temperatures and TC intensity change.
Oceanic Feedback
The most apparent effect of TC passage is the marked SST cooling, and by proxy the OML temperature response, of typically 1 to 6
• C occurring to the right (left) of the storm track by 1-2 radii of maximum winds (Rmax) in the northern (southern) hemispheres. Although warm SSTs are required to maintain the TC, these biases of the maximum SST decreases and OML depth increases of 20 to 40 m are due to entrainment mixing of the cooler thermocline water with the warmer OML (see Fig. 1 ). Entrainment mixing usually accounts for most of the observed cooling of the SSTs and OML deepening either due to vertical shear of the horizontal currents or surface-generated turbulence by wind stress or surface friction velocity (u * ) distributed across the OML. Ocean mixing and cooling are principally a function of wind-forced currents and their associated shears (∂v/∂z = S). Wind-forced motions are often associated with near-inertial flows that have a frequency shifted slightly above the local inertial period (f ) by 1 to 20% depending on the TC characteristics and the strength of the underlying ocean stratification. Forced nearinertial motions represent the low-frequency cutoff of the internal wave spectra which range from the buoyancy frequency (N ) to f (Gill, 1984) . While the forced current structures have large vertical scales, near-inertial shears across the OML base tend to be associated with shorter vertical wavelengths (e.g., higher order baroclinic modes) that reduce the Richardson numbers (defined as the ratio of buoyancy frequency (N 2 ) and (S 2 )) to below criticality values (Price, 1981;  horizontal advection by ocean currents under relatively (and often assumed) quiescent initial ocean conditions where the initial state is at rest. Upwelling of the cooler isotherms from the subsurface layers increases the buoyancy frequency associated with more stratified thermocline water that tends to keep the Richardson number above criticality along the track. This upwelling process, forced by wind-driven current divergence in the OML away from the TC center, increases the stratification that decreases shear-induced mixing via the Richardson number. Thus, both shear-induced mixing and divergent OML currents (i.e., momentum response) impact upper ocean temperature structure and OML depth variations. Chang and Anthes (1978) modeled the mutual response between the upper ocean and the TC. Consistent with Fig. 1(b) , they point out this SST cooling occurs behind the eye of the TC as part of the cold wake. As the SSTs continue to decrease towards the 26
• C threshold, heat and moisture fluxes (enthalpy fluxes) decrease accordingly and cause negative feedback to the TC. The more cooling and OML deepening, the less heat and moisture transfer to the atmosphere, which tends to decrease TC intensity. These OML cooling levels have been observed (Shay et al., 1992; Cione and Uhlhorn, 2003; and modeled (Price, 1981; Bender and Ginis, 2000) . To simplify the thermodynamics, models have used idealized temperature profile to initialize the domain, leading to the idea of coupling of 1-dimensional (1-D) OML to atmospheric models to improve TC intensity across the cold wake (Schade and Emanuel, 1999) . When TCs encounter oceanic regimes with shallow OML, the ocean thermal response to TC forcing is consistent with this negative feedback concept where the stratification at the OML base is weak (i.e., Gulf of Mexico common water). The upper ocean thermal structure, and hence the OML depths are not spatially uniform over most of the global ocean basins and cannot be simply characterized as idealized thermal structure in the 1-D approach (Yablonsky and Ginis, 2009; Halliwell et al., 2010 ). An illustration of this structural variability in water masses is shown in Fig. 2 . The Eastern Pacific Ocean has thin OML, but has strong stratification at the OML base due to vertical temperature and salinity gradients. For the ocean to mix (and significantly cool in this regime), considerably more wind-driven ocean current shear needs to be generated by surface winds since the buoyancy frequency is about 20 cycles per hour (cph). At the lower latitudes (within 10 to 20
• of the equator), local inertial periods (IP) are long compared to the advective time scales of the TCs. Although TC's can get intense over the warm pool, there is little evidence of strong cold wakes south of 18
• N in this regime. It is only when a TC moves over the region with similar OML depths with weaker stratification (12 cph) such as Juliette in September 2001. By contrast, the vertical structure in the Loop Current water mass is weakly stratified (N ranges between 4 to 6 cph). However below that nearly isothermal layer, warm thermal structure extends to depths of more than 100 m where the 26 • C isotherm depth lies at 150 m. This thermal structure behavior increases the OHC where deep, warm layers contain more heat for TC's to tap promoting intensification Lin et al., 2005; Mainelli et al., 2008) . This is an example of less negative feedback than in cases where cooling levels of several degrees decreases the air-sea fluxes (Cione et al., 2000) .
Ocean-Atmosphere Transfers
The oceanic modulation of TC intensity has drawn more attention on gaining a better understanding of the physical interaction between the atmosphere and ocean during TC passage.
There are unfortunately few observational data sets in high-wind conditions with both concurrent atmosphere and ocean measurements. Parameterizations of momentum, heat and moisture transfer are further complicated by sea state, sea spray and the complexities of the upper ocean. Under certain conditions there should be a level of mutual dependence of the air-sea transfer processes of heat, moisture and momentum as suggested in idealized model simulations (Emanuel, 1995) that intensity is sensitive to the ratio of enthalpy transfer coefficient to drag coefficient (c k c
d , where c k is the bulk enthalpy coefficient and c d is the surface drag coefficient). The conclusion that this quantity probably lies within a rather limited range (≤1.5) is commensurate with the observation that most TCs do not typically reach their maximum potential intensity (MPI).
This chapter attempts to summarize significant progress has been made in this broad area of upper ocean processes and air-sea interaction during TC passages since Ginis (1995) . The intended approach is to synthesize empirical, observational, analytical and numerical results from a global perspective. In this context, this chapter begins by describing progress in upperocean response processes that include the SST, OML and thermocline responses. Of particular interest is to demonstrate that in situ and remotely sensed measurements are now being used to initialize the oceanic models to obtain an accurate basic state in section 2. Section 3 focuses on the observed and modeled responses to TC forcing including the observed and simulated ocean response during TC passages. Section 4 discusses the interactions that occur across the interface including surface winds and waves, and the communication to the atmospheric boundary layer through the momentum and enthalpy fluxes across the interface. These findings are summarized within a global context in section 5. A Glossary of Terms is given at the end of the chapter followed by a fairly complete list of references.
Oceanic States
Coupled models to predict hurricane intensity and structure change are being used to issue forecasts to the public who increasingly rely on the most advanced weather forecasting systems to prepare for landfall (Marks and Shay, 1998) . For such models, it has become increasingly clear over the past decade that ocean models will have to include realistic initial conditions to simulate not only the oceanic response to hurricane forcing (Sanford et al., 1987 (Sanford et al., , 2007 Shay et al., 1992 Shay et al., , 1998 Price et al., 1994; D'Asaro, 2003; Jacob and Shay, 2003; Shay and Uhlhorn, 2008; Jaimes and Shay, 2009 ), but also to simulate the atmospheric response to oceanic forcing (Emanuel, 2003; Bender and Ginis, 2000; Bao et al., 2000; Shay et al., 2000; Hong et al., 2000; Chan et al., 2001; Walker et al., 2005; Lin et al., 2005; Wu et al., 2007; Ali et al., 2007; Manielli et al., 2008) . The atmospheric response is related to the level of feedback from the oceanic responses.
Circulation
From a basin-scale perspective, the wind-driven upper ocean circulation transports heat from the tropics to the mid-latitudes as part of the annual cycle. Embedded within this ocean circulation pattern is a broad range of smaller-scale variability in which there is an energetic scale of ≈100 km known as the mesoscale. For example, the western boundary currents (e.g., Gulf Stream in the North Atlantic Ocean and Kuroshio in the Pacific Ocean basins) are characterized as mesoscale ocean features (Bane, 1994) . Within these western boundary current regimes, warm core rings (WCR) and cold core rings (CCR) are formed and propagate westward. In the ocean's interior, surface Ekman transport induced by the winds is directed northward (southward) along the southern (northern) periphery of the high pressure ridge during the summer months in the northern hemisphere. That is, cooler water from the north is advected southward, and warmer water from the south moves northward. These water masses converge to form a subtropical ocean front (Weller, 1991) . The thermohaline circulation arises as a result of the density changes induced by surface heating and cooling and through mixing processes between differing water masses. In this framework, deep western boundary currents exemplify this process and generally flow in a direction opposite to the winddriven surface flow, representing an important component to the global oceanic circulation. A large part of the resultant circulation is governed by horizontal density and pressure gradients in geostrophic balance, resulting in a circulation that forms ridges and valleys on the sea-surface with surface elevation changes of about 1 m over horizontal scales of 100 km across western boundary currents.
One of the better studied oceanic circulation system is the North Atlantic Ocean gyre including the Florida Current and the Gulf Stream . Based on an annual average, the transport from the Caribbean Sea into the Gulf of Mexico through the Yucatan Straits (Leipper, 1967 (Schott et al., 1988) . As this current turns northward, it follows the continental slope in the Middle Atlantic Bight, to eventually form the Gulf Stream core (Stommel, 1948) . Once it passes Cape Hatteras, the Gulf Stream flows into the North Atlantic Ocean with increased transport due to inflow from recirculations bordering along its northern and southern flanks . Of practical importance to TCs, warm ribbons of higher OHC values with deeper OML surrounds the coastlines in the basins. In this context, such oceanic patterns occur in all the basins and have global consequences for landfalling TCs.
Loop Current
The time-dependent LC can penetrate ∼500 km northward of the Yucatan Strait. Recurring WCR shedding events with peak periods from 6 to 11 months (Sturges and Leben, 2000, Leben, 2005) occur when CCRs are located on the LC periphery prior to separation. These WCRs, diameters of ∼200 km, propagate west to southwest at phase speeds of 5 approximately km d −1 (Elliot, 1982) , and can remain in the Gulf of Mexico for several months. In this LC regime, OHC values relative to the 26 • C isotherm depth exceeds a value of 100 kJ cm −2 (Leipper and Volgenau, 1972) . Such OHC levels are resistive to storminduced cooling by wind-driven current shears across a deeper OML base. Across the Yucatan Straits, background oceanic flows that are set up by large horizontal pressure gradients due to temperature and salinity variability play a significant role in altering the development of strong wind-driven current shears within the LC and WCR complex. As suggested in 
Data Assimilation and Initial Conditions
Data assimilative ocean modeling efforts and feature based model initialization are effective methods for providing initial boundary conditions to the oceanic and coupled TC prediction models (Falkovich et al., 2005; Halliwell et al., 2008; 2010) . The ocean model must be initialized (Halliwell et al., 2008) . In the initial analysis of the pre-Isidore state from an experimental HYCOM forecast system at 0.08 • resolution (Cummings, 2003) , this model product assimilates both satellite altimetry SHAs (Cooper and Haines, 1996) and SSTs. Comparison of OHC maps hindcast by HYCOM to OHC maps from aircraft measurements and derived from satellite altimetry observations (left upper panels of Fig. 4 ) demonstrate that the analysis (labeled HYCOM OI in the figure) reproduces the LC orientation but underestimates OHC. In the NW Caribbean Sea, the thermal structure hindcast tends to follow the September climatology but does not reproduce the larger OHC values. In the hindcast, the upper ocean is less saline than both climatology and observations above 250 m (not shown) and less saline than the observations between 250 and 500-m depths. The HYCOM structure was relaxed to the three-dimensional (3-D) Modular Ocean Data Assimilation Scheme (MODAS) (Fox et al., 2002) and temperature and salinity analyses generated from available in-situ observations. Biases in this HYCOM MODAS product and observations were reduced in both horizontal maps and vertical profiles. The OHC distribution associated with the complex boundary currents and eddies must be initialized in the ocean model to capture the ocean response to the TC forcing. Careful evaluations of these products against in situ observations are needed to insure that ocean features are correctly located with realistic structure as shown in Halliwell et al. (2010) . 
Vertical Mixing Parameterizations
The OML heat budget and ensuing air-sea fluxes are influenced by the choice of entrainment mixing parameterizations across the OML base as suggested by Fig. 1 . Contrasting viewpoints on this entrainment mixing topic have been focused on documenting the differences between 1-D and 3-D responses to TC passage (Jacob et al., 2000; Jacob and Shay, 2003; Yablonsky and Ginis, 2009; Halliwell et al., 2008 Halliwell et al., , 2010 . Away from strong oceanic fronts, the 1-D approach is valid in that advective tendencies by the background currents are considered to be nonessential to first order assumed in modeling efforts (Price, 1981; Schade and Emanuel, 1999) . Vertical mixing processes, predicated on lowering a bulk Richardson number to below critical values (<1) through enhanced vertical shear causing the OML to cool and deepen, dominate the oceanic response. The modified 1-D column approach follows from this general approach except that the domain is initialized with differing thermal structure. In the horizontal plane, temperature (and hence density) gradients have to geostrophically adjust prior to turning on the TC forcing. If the ocean is not in geostrophic balance, the resulting simulations (i.e., levels of SST cooling) will be unrealistic due to a mass field imbalance. The net effect is to induce excessive cooling in regions where oceanic features may be present. Indeed, the adjusted, steady-state ocean currents are small compared to a translation speed of most TCs (e.g., this ratio is similar to a Froude number). In regimes where strong pressure gradients exist, the bulk Richardson number instability, which is at the core of the "1-D assumption", remains at critical levels only for a short period (Uhlhorn, 2008) that limits SST cooling and OML deepening. In other words, pre-existing, energetic ocean currents dampen the near-inertial current response which is primarily responsible for the shearinduced mixing across the OML base. In a 3-D ocean model, sensitivity tests have been conducted for five mixing schemes: K-Profile Parameterization (KPP: Large et al., 1994) ; Goddard Institute for Space Studies Level-2 closure (GISS: Canuto et al., 2002) ; Level-2.5 turbulence closure scheme (MY: Mellor and Yamada, 1982) ; quasi-slab dynamical instability model (PWP: Price et al., 1986) ; and the turbulent balance model of Gaspar (KT: 1988) that is a modified version of Kraus and Turner (1967) . The results indicate a broad range of OML variability and heat fluxes for quiescent ocean initial conditions (Jacob and Koblinsky, 2007) . As shown in profile data and found that the three higher-order turbulent mixing schemes (KPP, MY, GISS) lead to a more accurate ocean response simulation with a WCR present. The OML salinity evolution with and without precipitation forcing highlights the effect of precipitation on the upper ocean salt budget. For the no precipitation case, Jacob and Koblinsky (2007) found that the salinity variability was similar ahead of the storm center for all schemes. In the PWP scheme, salinity increases significantly in the right-rear quadrant over the first half of an IP following passage due to enhanced mixing. However, in the other mixing cases, the simulated salinity evolution is similar with minimal changes in the KT model due to less intense mixing (no shear instability). By including precipitation forcing, the OML salinity began to decrease about 0.5 IP before the TC closest approach with maximum freshening of the OML observed in the KT case. This freshening process due to enhanced precipitation increases static stability in the OML, leading to a simulated salinity balance for PWP case that is more consistent with the other schemes. The OML temperature and salinity evolution in cases with and without precipitation for PWP scheme indicates mean temperature and salinity differences of 0.5
• C and 0.2 psu in the OML ( Fig. 5(b) ).
An average freshening of 0.2 psu in the OML is seen in the wake of the TC in all the five simulated cases when precipitation forcing was used in the model. Based on the Tropical Rain Measuring Mission (TRMM), the freshwater input (precipitation minus evaporation: P-E) was estimated for TC's Isidore and Lili by integrating the data in the along-track direction . The P-E value in Isidore was a factor of two to three times larger than in TC Lili between +/−4 Rmax. Excessive precipitation of 30 cm within the hurricane's core (∼12 inches of rain) impacted the OML salinity budget during Isidore's passage. By contrast, the precipitation rate in Lili's core was about 11 cm (∼5 inches) presumably due to its faster translation speed. Such rain events cause changes in the OML salinity balance of 0.2 to 0.4 psu suggested by Fig. 6 (Pudov and Petrichenko 2000) . Thus, rain-rates significantly impact the OML salinity balance through the P-E term and the resulting surface buoyancy flux that must be accounted for in OML modeling efforts of the response to TC passage (Price et al., 1986; Jacob and Koblinsky, 2007) .
Ocean Processes
Thermal Response
Thermal structure changes observed during TCs have been well documented in the literature. In general, the measurements have emphasized the cooling of the SST and deepening of the OML. Based on over a decade of thermal structure measurements, Black (1983) documented the oceanic thermal response to TC passages. One of the key findings was the 1-6
• C cooling in the cold wake where OML depths increased by 20 to 40 m depending on the strength of the TC as well as the initial stratification. Recent studies have documented the levels of oceanic cooling using satellite-derived SSTs (Monaldo et al., 1997) .
During high winds, the SST response represents a proxy of the OML temperature changes as well mixed conditions prevail as suggested by Fig. 1 . One of the more well-documented studies using both expendable profilers and satellitederived measurements was from TC Gilbert (1988). The sampling strategy was designed to measure the momentum and thermal structural variations from pre, during and two cold-wake experiments in a quiescent area of the western GOM (Shay et al., 1992) . Objectively-analyzed temperatures and OML depths revealed that Gilbert induced an SST decrease of 3.5
• C to the right of the storm track associated with deeper OML of up to 70 m. The spatial evolution of the response indicated a near-inertial, wave-like pattern ( Fig. 7) , consistent with the conceptual model of Black (1983) . Temperature gradients between the pool of cooler water and the WCR were 3 • C over a 50 km distance, indicating a potential existed for strong along-track advection by wind-driven currents. Jacob et al. (2000) used the conservation of heat to assess the various contributions to the observed OML heat and mass budgets during and subsequent to Gilbert's passage. Advection of temperatures by the background currents accounted for 5% of the heat budget near the track and up to 15% of the budget in the WCR, whereas the wind-forced current advection was much weaker. It should be noted that the WCR cooled by less than 1
• C. Estimated surface fluxes contributed 10% to the heat balance between the track and 3 Rmax. In this quiescent ocean, cooling in the wake was dominated by entrainment heat flux induced by the current shear at the OML base by forced nearinertial currents (70 to 75%) starting just behind the eye. In front of the storm, the wind stress accounted for a similar fraction of cooling for the asymmetric, near-surface winds based on Powell and Houston (1996) approach. Shear and stress-induced mixing mechanisms accounted for a large fraction of the observed OML cooling but in different parts of experimental domain.
More recently, Walker et al. (2005) showed that the SST response was modulated by both WCR and CCR in the Gulf of Mexico during Ivan's passage (Fig. 8 ). Up to 7
• C cooling was observed in the CCR due in part to upwelling associated with TC Ivan's wind stress curl. Upward isotherm displacements of up to 65 m were documented from altimeterderived SHA and wind stress curl. This result was corroborated using a reduced-gravity model where for each 10 cm surface height change, the isotherm displacement is approximately 33 m. The observed 20 cm decrease in the SHA field may have been associated with the barotropic (sea-surface) trough in the cooling wake (Geisler 1970; Shay and Chang, 1997) . While this depressed sea surface and the SST cooling provided negative feedback to Ivan, the associated phytoplankton blooms in the wake had peak concentrations of chlorophyll A (Chl-a) exceeding 1 mg m −3 distributed over 13,000 km (Yin et al., 2007) . Based on post-storm measurements, Chl-a concentrations increased to 1.2 mg m −3 about 7 days after passage. This equates to more than an order of magnitude change induced by upwelling of nutrients from the cooler thermocline water. The maximum Chl-a level found was more than 3 mg m −3 in Ketsana's cold wake as this response persisted for more than two weeks following TC passage. Simulations using a Regional Ocean Modeling System with a Nitrogen-Phytoplanton-Zooplankton-Detritus (NPZD) biochemical model revealed levels of Chl-a of 0.4 to 1.7 mg m −3 , consistent with satellite estimates. The typhoon's wind stress curl induced significant upwelling into the OML and forced this large phytoplankton bloom. These results are in agreement with Walker et al. (2005) and Hanshaw et al. (2008) studies. Park et al. (2005) combined ARGO float temperature and salinity profiles with satellitederived SSTs to document the thermal response to typhoons in the western Pacific Ocean (WPAC) over ten-day periods (Fig. 9 ). They found a high correlation of OML temperature changes and SSTs, but there was a strong dependence on latitude and initial OML depth. A key result was a negative correlation between OML depth change and its initial depth. That is, the initial OML depths exceeding 50 m are considered a proxy for the Kuroshio's location and its WCR field. In the Kuroshio Current, the OML depth changes are less where the SST cooled by 1-2
• C. This result has consequences for both the genesis and the development of the typhoon into a mature system over this regime. This result underscores the inherent oceanic variability in the vicinity of western boundary currents and their background eddy fields. That is, strong gradients in the OML depths and temperatures play a pivotal role in TC intensity changes discussed below.
Ocean Current and Shear Response
The ocean's momentum response is classified into two regimes: the directly-forced or near-field; and the evolving 3-dimensional wake or far-field (Shay, 2001 ). In the near-field, the cyclonicallyrotating wind stress field of a TC causes OML currents of about 1 to 1.5 m s −1 to diverge from the storm track starting within one-quarter of an inertial wavelength (Λ) which is the product of the storm translation speed (U h ) and the local inertial period (IP) as noted above. This current divergence causes the upwelling of cooler water underneath the storm track, thereby decreasing the OML depth. Over the next half of the inertial cycle, OML currents converge towards the storm track, causing an increase in the OML depth as warmer water is downwelled into the thermocline. This alternating cycle of upwelling and downwelling of the isotherms (and isopycnals) occurs over distances of Λ and establishes horizontal pressure gradients that couple the OML to the thermocline as part of a spreading 3-dimensional wake (Price, 1983; Shay et al., 1989 Shay et al., , 1992 Zedler et al., 2001; D'Asaro, 2003; Sanford et al., 2007) . In this context, the near-inertial response has been observed and modeled during TC passage. Within this framework, near-inertial motions are characterized by large horizontal and vertical wavelengths (Geisler, 1970) due to oscillations in the vertical current structure by low-order baroclinic modes (Gill, 1984; Shay et al., 1989) . This is often called the low-mode dominance. An important aspect of these forced motions is the frequency shift above the local f by about 1-20% (Price, 1983) . This frequency shift is necessary for the near-inertial energy to vertically propagate from the surface-intensified OML into the thermocline. These near-inertial responses have been observed for several IP following storm passage (Price, 1981; Shay and Elsberry, 1987; Sanford et al., 2007; Teague et al., 2007) and have suggested a slight warming of the thermocline through entrainment mixing.
Observations of the ocean current response to TC passage have been generally sparse over the global oceans as the community has had to rely on fortuitous encounters with buoys and moorings deployed in support of other experiments or ships crossing TC wakes (Shay and Elsberry, 1987; Church et al., 1986; Teague et al., 2007 , Zedler et al., 2001 . Using a network of high frequency radar stations (Yoshikawa et al. 2006 ), a strong wind-driven current response was observed during typhoon Mari's passage in the Tsushima Strait (Fig. 10) . Surface currents have also been shown to impact the direction of the surface wind stress (Drennan and Shay, 2006) . Notice the divergent surface velocity response exceeded 50 cm s −1 , which is indicative of a 3-D response (Yablonsky and Ginis, 2009; Halliwell et al., 2010) . As suggested in Fig. 1 , the wind-forced currents directly affect the thermal, haline and mass field response to TC passage. Recent dedicated airborne field experiments to measure the momentum and thermal response during TC passage are listed in Table 1 . (Fig. 11) . During the period of deployment TC Ivan passed directly over these ADCP moorings (Teague et al., 2006 , which provided the temporal evolution of the 3-D current (and shear) structure at 2-4-m vertical resolution. The response at Ivan moorings (along track and at 1.5 Rmax) is shown in Fig. 12 for the near-inertial wave band (band-pass filter of the detided current signals) where the local IP is ∼24 h at 30
• N. Profiler data started at a depth of 50 m and extended to 500 m at 4-m intervals. These data were filtered between 22-28 hours then vertically averaged to estimate the depth-averaged current response. Shay (2009) (Shay and Chang, 1997). These barotropic current signals have large phase speeds and are associated with Poincaré wave motions (e.g., long waves with rotation).
Near-inertial baroclinic flows and the levels of maximum vertical shears in the momentum response to TC Ivan were energetic . Based on profiles at 1 to 2 Rmax to the right of Ivan's track, the current profiles show clear downward propagation of the baroclinic energy (V g ) from the wind-forced OML into the thermocline, consistent with an upward propagating phase velocity (V p ). Baroclinic motions, which are the most energetic part of the ocean's momentum response to a moving TC, have a characteristic time scale for the phase of each mode to separate from the OML current structure when the wind stress scale (2R max ) exceeds the deformation radius of the first baroclinic mode (∼30-40 km). This time scale increases with mode number due to decreasing phase speeds (Shay, 2001) . This vertical propagation is primarily associated with the predominance of the anticyclonicrotating (clockwise in northern hemisphere) energy (Leaman, 1976; Shay and Jacob, 2006) . The corresponding vertical velocity signal For forced near-inertial motions, the currents rotate anticyclonic with depth in the northern hemisphere in time as energy propagates downward into the thermocline while the phase propagates upward (Leaman, 1976) . This has been observed in current profilers in Gilbert , moored ADCP measurements in Ivan , and the new and innovative EM/APEX floats deployed in Frances during CBLAST (Sanford et al., 2005 (Sanford et al., , 2007 . From the Gilbert current profiles, 63 profilers revealed a predominance of the anticyclonic-rotating energy where the average ratio of the anticyclonic to cyclonic energies was 3.6, indicative of a preference for downward energy propagation from the OML. The corresponding vertical energy flux, determined by integrating the product of the excess anticyclonic energy and the vertical group velocity, indicated an average value of ∼2 ergs cm −2 s −1 (Shay and Jacob, 2006 ). This energy flux is similar to that estimated from near-inertial current profilers deployed in a frontal regime by Kunze and Sanford (1985) . This result suggests that TCs are as effective as fronts in transferring wind-forced energy into the thermocline. From a global perspective, Nilsson (1995) (Bell, 1975; Sjoberg and Stigebrandt, 1992) . Thus, the estimated energy flux from TC force winds represents a realistic value based on these comparisons (Shay and Jacob, 2006) . As noted in section 2, near-inertial current shears are central to the oceanic cooling by lowering the bulk (gradient) Richardson numbers to <1 (0.25) and forcing the OML to deepen through instabilities. Uhlhorn (2008) documented the magnitude of the observed current shears range from several experiments listed in Table 1 . A value of 1.4 × 10 −2 s −1 was found from TC Lili measurements in the LC to as high as 3.5 × 10 −2 s −1 in the GCW during TC Gilbert. In the regime influenced by TC Ivan with relatively shallow OML, the shear is nearly three times larger than that observed in the LC system . Higher vertical shear levels were observed from the EM/APEX floats deployed in TC Frances (Sanford et al., 2005; 2007) . As shown in Fig. 13 , these higher shear levels forced mixing events during Frances passage by essentially lowering the gradient Richardson number to below 0.25 (S 2 − 4N 2 > 0) across the base of the OML at 1-2Rmax to the right of the track. During this period of intense forcing, strong near-inertial currents were excited by the TC of up to 1.5 m s −1 which created the vigorous shears (Sanford et al., 2007) . Cooling level in TC Frances was ≈2.3
• C based on the combination of floats and drifters deployed in the CBLAST experiment . One of the more interesting aspects found in the velocity shear measurements such as TC Gilbert data was that the current shears remained large over the approximate three IPs following passage in the cold wake (Shay et al., 1992) . However, after the first 1.5 IPs, the Richardson numbers remained above critical levels. This suggests the OML reached an equilibrium point and vertical mixing ceased (Jacob et al., 2000) . By contrast, vertical mixing ceased after about 0.5 IP following TC Lili, suggesting that only the near-surface isothermal layer cooled by about 1
• C as the Richardson numbers were subcritical for only a short period. This result is consistent with idealized simulations with a cross-track initial flow resembling a LC where background currents were about 0.8 m s −1 (Uhlhorn, 2008) . This is the rationale of why ocean models need realistic data assimilation to get the background oceanic conditions as accurately as possible prior to coupling an ocean to a TC model as shown above. 
Integrated Thermal Structure and Layer Depths
The thermal structure is clearly affected by the wind-forced momentum response during TC passage. However, the level of ocean cooling depends crucially on the initial OML and the 26 • C isotherm depth and the strength of the stratification (N ) across the base of the OML. In many basins, the 26 • C isotherm depth is located near the OML base (see Fig. 2 ). The integrated thermal energy reflects the vertical distribution of the thermal energy in the OHC estimation. Since the amount of work done on the OML scales as the surface friction velocity (u 3 * ) (Kraus and Turner, 1967) , the deeper the layer (e.g., 26
• C isotherm), the higher the stress-induced turbulent mixing is needed to redistribute OML properties through shear-induced instabilities.
In this framework, high OHC (100 kJ cm −2 ) values, strong buoyancy frequencies (N ∼ 20 cph), and lower latitudes (10 to 20 • ) affect the vertical distribution of the thermal structure and that decrease the negative feedback during TC passage (Chang and Anthes, 1978) . It is difficult to monitor the global oceans for isotherm depths, thermal structure and OHC given the relative paucity of in situ profiler measurements with perhaps the exception of the global ARGO float network. Thus, satellite remote sensing offers the optimal approach to infer isotherm depths and OHC variations. Measurements from radar altimeter missions (Fig. 14) of the SHA field from NASA TOPEX, Jason-1 and 2, U.S. Navy Geosat Follow-OnMission (GFO), Envisat and ERS-2 (Cheney et al., 1994; Scharroo et al., 2005) and SSTs are used in a reduced gravity model (e.g., Goni al., 1996) with hurricane season climatology (Mainelli-Huber, 2000 (Emanuel, 2003) , the WCRs acted as an insulator between TCs and the deeper thermocline water (Wu et al., 2007) . The SST response was significantly less as the OML is much deeper in these regimes similar to findings in other basins. Without initializing this model with a WCR ocean feature, the simulated intensity was a category below the observed intensity, in accord with coupled results of Hong et al. (2000) . Lin et al. (2005) point out the importance of the eddy-rich regime associated with the western boundary current or Kuroshio during TC passages. In the WPAC, the Kuroshio is a western boundary current (Stommel, 1948) that plays the same role as the Gulf Stream in the WATL by transporting heat poleward as part of an annual cycle in the gyre. More recently, Lin et al. (2009) argue that there needs to be translational speed dependence on the available OHC and the 26
• C isotherm depth for TCs to reach category-5 status. Based on a decade of temperature structure data from ARGO floats (Lin et al., 2008) , specific isotherm depths ranges and OHC values were determined for differing TC speeds. However, the resultant empirical values were based on storm speeds alone. That is, higher OHC values are needed for slower moving TCs to offset the upwelling of the isotherms compared to faster moving TCs where OHC values could be about half the values for the slower moving TC cases. One aspect of the problem that was missing in this approach was the time available for mixing which is related to a storm Rossby number. In addition to the storm translational speed, this revised approach would have also included latitude to estimate the local Coriolis parameter (f ) and storm scale associated with the wind stress curl. Greatbatch (1983) showed the importance of these parameters on the ocean response.
In the Arabian Sea (e.g, Northern Indian Ocean) beginning in May, a cyclonically rotating atmospheric vortex forms with similar characteristics to the TC in the Atlantic Ocean and the Gulf of Mexico basins (Rao, 1984) . This low-pressure center with cyclonically-rotating winds moves towards the northwest due to the migration of the InterTropical Convergence Zone (ITCZ) (Findlater, 1969) . The timing of this northward movement of the ITCZ is modulated by the Madden Julian Oscillation causing a few week lag in Southwest Monsoon onset. A low-level jet is formed (e.g., Findlater Jet) due to the convergence of the ITCZ and the persistent northerlies over the northern portion of the Arabian Sea. In May 2003, Ali et al. (2007) found that this onset atmospheric vortex had characteristics similar to a TC (Fig. 16) . The maximum intensity (Category-4 index) of the TC occurred over an oceanic regime where the SHA exceeded 20 cm (deeper OML) where the corresponding SST exceeded 30.5
• C. The SHA field associated with this WCR is less compared to those in the GOM where SHA are 40-50 cm in surface deflection relative to mean sea surface level (Leben, 2005 ). An illustration of this impact was observed during the passages of Katrina and Rita as they both deepened to a Cat-5 TC over a bulging, lobe-like structure along the LC's western flank (Scharroo et al., 2005; Shay, 2009; Jaimes and Shay, 2009) . As shown in Fig. 17 , there is a oneto-one correlation between TC intensity (surface pressure decreases) and OHC values exceeding 100 kJ cm −2 in the LC. By contrast, background
SSTs of more than 30
• C were nearly uniformly distributed in this regime, and did not reveal the complex LC and bulging WCR structure in the central Gulf of Mexico (Sun et al., 2006; Shay, 2009 (Leipper and Volgenau, 1972) . Normalized OHC values vary inversely to pressure changes (surface pressure decreases, OHC increases), whereas the normalized SST values are flat during both TC's. Mainelli et al. (2008) input OHC into the SHIPS (DeMaria et al., 2005) and found that OHC is a better indicator of TC strength than just SST alone which is similar to when TC Opal (1995) encountered a WCR and deepened to a category-4 TC during favorable atmospheric conditions (Bosart et al., 2000; Shay et al., 2000; Hong et al., 2000) . Clearly, In the WPAC, Indian Ocean and GOM ocean basins, these cases are all examples of less negative feedback since the upper ocean cooled by less 2 • C to ∼28
• C in regimes of deep warm layers. Thus, the depth of the 26 • C isotherm, usually located close to the depth of the OML, and the resultant OHC is relevant to TC intensity changes.
Evaluation of OHC Estimates
Given the availability of the satellite-derived values of OHC derived from radar altimetry, it is very important to assess them relative to in situ data profiles. On 15 (Post-Katrina) and 26 Sept 2005 (Post Rita), oceanic current, temperature and salinity measurements were acquired from expendables centered on the LC/WCR during IFEX (Rogers et al., 2006; Jaimes and Shay, 2009 ). The post-Katrina experiment was conducted in an area where the TC rapidly intensified over the LC/WCR complex. To obtain the evolution of the thermal structure and OHC within the same WCR, two thermistor chain drifters were deployed from the USAF WC-130 aircraft in the path of TC Rita on 21 Sept 2005 following a similar approach used in the CBLAST experiment . Upper ocean temperature time series (Fig. 18) • C isotherm depths, the slope was about 1.1 with a 9.3 m bias where the altimeter-derived value was larger than that from the profiler data. This larger bias was due to the advection of the CCR between the LC and WCR from the postRita data set (Jaimes and Shay, 2009 ). These estimates were also consistent with those derived from drifter-based measurements. While the bias in the depth is large, the result suggests this is roughly a 10-15% uncertainty in the signals where isotherm depths ranged from 90-105 m in the WCR. Several sets of profiler measurements have suggested that the OHC scales as ∼1 kJ cm −2 m −1 in the LC and WCR structures.
To further illustrate the validity of this OHC approach from altimetry under non-forcing conditions, satellite-derived values were compared to in situ measurements from XBT transects in the eastern Pacific Ocean basin (Shay and Brewster, 2010) . Six years of data along a repeated transect is used to determine OHC and compare it to the five-year average from satellite-inferred values along the same transect as well as the closest moorings (Fig. 19) This latter value is a maximum rather than an average. Thus, estimating the 26 • C isotherm depth using satellite altimetry in a reduced gravity model (Goni et al., 1996) allows one to determine OHC for use with SHIPS (DeMaria et al., 2005; Mainelli et al., 2008) .
Air-Sea Interface
The effect of the underlying ocean has drawn attention towards gaining a better understanding of the physical interaction between the atmosphere and ocean during these events. Due to limited observations at the air-sea interface in high-wind conditions, the understanding has not progressed nearly enough to significantly improve the parameterization of momentum and energy transfers between the two fluids. The relationships of the transfer processes of small-scale roughness (Charnock, 1955) and surface-layer stability (Monin-Obukhov similarity theory) are understood under low-to moderate-wind conditions (Large and Pond, 1981) , but additional phenomena not typically observed such as the sea state maturity (Donelan, 1990; Moon et al., 2004a,b) and sea spray (Wang et al., 2001; Andreas and Emanuel, 2001 ) have been shown to modulate the heat and momentum exchange. These effects under TC winds have been primarily studied in controlled laboratory experiments (Donelan et al., 2004) . In a TC environment, both young and mature waves are present and impact air-sea fluxes and OML and atmospheric boundary layer processes. Intensity is maintained in part by the balance between the heat gained by the atmospheric boundary layer and the energy lost due to friction. Emanuel (l986) proposed a theory requiring this relative balance to be a primary modulator of maximum potential intensity (MPI). Based on this view, it is assumed that under certain conditions there should be a level of mutual dependence of the air-sea transfer processes of heat and momentum as suggested in idealized model simulations (Emanuel, 1995; Braun and Tao, 2000) . This has led to the conclusion that intensity is sensitive to the ratio of enthalpy to drag coefficient (c k c −1 d ), which lies within a limited range. However, most TCs do not reach their MPI (DeMaria and Kaplan, 1994).
Surface Wave Field
In 1993, TC Emily approached NOAA buoy 44014 from the southeast with sustained winds of 28 m s −1 , the significant wave heights (H s ) reached 8 m (Fig. 20) where maximum wave spectral energies were contained in the swell portion of the spectrum (i.e., ∼13 s wave) that decayed rapidly after TC Emily's passage. These wave spectral energies contained in the lowerfrequency intervals associated with the swell began several hours in advance of storm passage, peaking at the point of closest approach, and decayed over 1 to 2 IPs. In the wake of a TC, the barotropic trough in the surface height field contains IP fluctuations of 4 to 7 cm due to the vertically integrated mean mass divergence field (Shay and Chang, 1997) . By contrast, in baroclinic models (e.g., rigid lid), these IP oscillations do not exist as the vertical velocity is zero at the free surface as per the kinematical boundary condition. In frequency bands between 0.2-0.4 Hz, IP undulations in the surface height affect wave spectral energies for an extended period of time (Faber et al., 1997) as suggested by the peaks in both wave spectral energies and significant wave heights. More recently, TC Lili approached buoy 42001 from a south-southwest direction just after reaching maximum intensity (Cat-4). As Lili passed within ∼Rmax to the west of the buoy, winds reached 48 m s −1 , significant wave heights peaked above 10 m, and wave spectral energies exceeded 220 m 2 Hz −1 (Fig. 20(b) ).
This is the region of the storm where the maximum ocean response is often observed as noted above. The largest values of wave spectral energy were concentrated in the lower frequency band with maximum values at 0.4 IP (∼10 h) prior to passage and persist for about 1.5 IP (∼40 h) after the closest approach of Lili. Smaller amplitudes of the wave spectral energy in the higher frequency (0.2-0.4 Hz) intervals are evident 1.7 IP (∼48 h) prior to passage, and persist after Lili's passage over the buoy. The phase of these oscillations, which is most pronounced between the frequency intervals 0.2-0.4 Hz, is near the local IP (∼27 h). Wang et al. (2005) documented the wave response to Ivan over the NRL SEED moorings (Fig. 21) . Wave heights increased with peak values when the radial distance between the mooring and storm center was ∼75 km (Fig. 21(c) ). Hs reached maximum values of 16 m to 18 m on inshore moorings and were larger than those detected at the NDBC buoy (15.9 m). The maximum wave height was recorded to be 27.7 m at mooring 3, and wave height variations were consistent with the radial variations in the surface wind of Ivan. At Rmax, the model predicted a maximum wave height of ∼21 m. Previous studies have suggested in a TC wave field that the maximum wave height approaches 1.9 × Hs, which would be consistent with these measurements. However, the moored measurements sampled only a small part of the domain influenced by Ivan's broad wind field with large changes in the bottom topography.
Surface Winds
Surface winds in hurricanes have been estimated remotely using the Stepped-Frequency Microwave Radiometer (SFMR) from aircraft (Uhlhorn et al., 2007) . With six frequencies, the SFMR measures radiative emissions, expressed in terms of brightness temperatures (T b ), from the ocean and the atmosphere. The percentage of foam coverage on the sea surface is known to increase monotonically with wind speed. At microwave frequencies, foam acts as a blackbody emitter. As foam increases, the ocean emits microwave energy more readily, and assuming a constant SST, the T b increases. Given an accurate physical model that relates ocean surface wind speed and rain-rate to measurements of T b at each frequency, a set of equations 
Surface Drag Coefficient
Knowledge of the heat and moisture fluxes across the interface and into the atmospheric boundary layer are critical elements (Emanuel, 1995) . Momentum transfer between the two fluids is characterized by the variations of wind with height and a c d that is a function of wind speed and surface roughness. For more than a decade, GPS sondes (Hock and Franklin, 1999) have been deployed from aircraft to measure Lagrangian wind profiles in the TC boundary layer. By analyzing these profiles, Powell et al. (2003) found a logarithmic variation of mean wind speed in the lowest 200 m, a maximum speed at 500 m, and a gradual weakening with height to 3 km. From these estimates, the surface stress, roughness length, and neutral stability drag coefficient determined by the profile method suggest a leveling of the surface momentum flux as winds increase above hurricane-force and a slight decrease of the drag coefficient with increasing winds. Donelan et al. (2004) described a series of wind-wave tank experiments that included stress measurements from hot-film anemometry and digital particle image velocimetry, and laser/line scan cameras for measuring the water surface elevation. Measurements of the drag coefficient from this laboratory experiment, referenced to the 10-m wind speed, are shown in Fig. 23 . Wind speed was measured at 30-cm height in the tank and extrapolated to the 10-m using the logarithmic dependence on height. Wind speeds were verified between crest height and 30 cm for all but the two highest wind speeds. Wind changes both direction and speed over relatively short distances in a TC compared to those required to approach full wave development. The largest waves in the wind-sea move slowly compared to the wind and (Powell and Houston, 1996) and streamlines relative to the TC center (0,0) when SFMR data are included into the analysis from TC Frances (2004) often travel in directions differing from the wind. Under such circumstances, these long waves contribute to the aerodynamic roughness of the sea as hypothesized by Kitaigorodskii (1968) and demonstrated by Donelan (1990) . Measurements at sea (e.g., Large and Pond, 1981) and in laboratories demonstrate the increasing aerodynamic roughness with increasing wind speed. A "saturation" of the drag coefficient does appear once the wind speed exceeds 33 m s −1 (Fig. 23 ).
Beyond this speed, the surface does not become any rougher. At the highest wind speed, significant height and peak wave frequency in the laboratory were 9 cm and 1.4 Hz, respectively. From 10-26 m s −1 wind speeds, these measurements parallel the ocean measurements (Large and Pond, 1981) , but are less energetic. The saturation level for c d is ∼0.0025, corresponding to a roughness length of 3.35 mm from the laboratory results. Powell et al. (2003) found a "saturation" of the drag coefficient at 0.0026 at about 35 m s −1 that decreased at higher wind speeds using wind profiles normalized by a mean boundary layer wind. Shay and Jacob (2006) found a "saturation" wind drag coefficient at 30 m s −1 of 0.0034 derived by equating internal wave ocean fluxes to the surface winds at 10-m level. Note it was assumed that all of the wind drives a current and no separation was attempted here to partition the energy between current and wave fields. Beyond 30 m s −1 , the c d began to leveled off at surface wind speeds up to 38 m s −1 observed in TC Gilbert. The implication here is that ocean current profilers deployed in TC can be used to trace the momentum flux, and the c d behavior.
The momentum flux was also estimated using the current profiles recorded in water depths of less than 100 m during TC Ivan , and discussed in terms of the neutral drag coefficient . The eye of Ivan generated both strongly forced and relaxation stage responses to the surface wind field (Wang et al., 2005; Teague et al., 2006 Teague et al., , 2007 . Over the shelf, the response consisted of a barotropic component, and a much weaker baroclinic response. Scale analysis of recorded current velocity showed that this forced response was described by the linearized, depthintegrated along-shelf horizontal momentum balance with bottom friction. The drag coefficient was estimated based on these observed depth-averaged currents at an ADCP mooring for wind speeds between 20 and 48 m s −1 . In this case, surface drag increased to a peak value of 0.0026 at 32 m s −1 before decreasing. This inflection point is coincident with above results. Differences may also be attributed to uncertainties in the wind measurements and the use of simplified ocean dynamics.
Recently, Sanford et al. (2007) estimated the volume transport per unit of width based on velocity profiles in hurricane Frances using a saturated surface drag coefficient of Powell et al. (2003) and Large and Pond (1981) formulations. Numerical simulations from the PWP mixing model embedded in the 3-D ocean model (Price et al., 1994) indicated consistent results for the volume transport and SST cooling values at two of the three floats to the right of the storm track. Along the track, however, differences differed by about 15-20%. As Sanford et al. (2007) point out, perhaps an azimuthal dependence in the surface drag coefficient due to surface waves (Wright et al., 2001 ) must be included in the models as well as wind-field asymmetries common to most TCs. In this context, additional case studies must be performed to understand how the waves, winds and currents are coupled under high-wind conditions (Bender and Ginis, 2000; Bao et al., 2000; Rogers et al., 2006; Drennan and Shay, 2006; Chen et al., 2007) 
Wind-Wave Coupling
The momentum flux is parameterized with a non-dimensional surface roughness (or Charnock's equation, z ch = z 0 g/u 2 * , where z 0 is the roughness length, u * is the surface friction velocity and g is the gravitational acceleration) and the stability correction (not shown) is based on the Monin-Obukhov similarity theory, regardless of the wind speed or the sea state in the GFDL model. Moon et al. (2004) investigated the Charnock coefficient under TC conditions using a coupled wind-wave (CWW) model (Fig. 24) . In the CWW model, the surface wave directional frequency spectrum near the spectral peak is calculated using the WAVEWATCH III (Tolman, 2002) model and the high frequency part of the spectrum was parameterized using the theoretical model of Hara and Belcher (2002) . The wave spectrum is then introduced to the wave boundary layer model of Hara and Belcher (2004) to estimate the Charnock (Donelan, 1990) . Dotted line is the formula of Toba et al. (1990) . (Reproduced from Moon et al., 2004a by permission of the American Meteorological Society.) coefficient at differing wave evolution stages. The regression lines between the wave age and the Charnock coefficient have a negative slope at low wind speeds but have a positive slope at higher wind speeds. For example, in Fig. 24(a (Fig. 25) . The result also is in accord with these other studies in that the drag coefficient levels off between surface winds of 28 to 33 m s −1 and begins to decrease with wind speeds (Powell et al., 2003; Donelan et al., 2004) . Notwithstanding, perhaps the most important finding of the Moon et al. (2004b) study is that a hurricane model must have a surface wave model to gain a more accurate prediction of surface enthalpy fluxes under the high-wind conditions.
Enthalpy Fluxes
Direct turbulent flux measurements were carried out in the hurricane boundary layers using a research aircraft instrumented with fastresponse turbulence sensors . As shown in Fig. 26 , the wind speed range for momentum and enthalpy fluxes and exchange coefficients has been extended by over 50% compared to that in previous studies. The drag coefficient (c d ) increases linearly with 10-m wind speed up to 22 m s −1 then level off at higher wind speed . The Dalton number (c E ) is nearly constant with 10-m wind speed up to 30 m s −1 . Combining the sensible and latent heat flux measurements, Zhang (2007) derived the enthalpy flux and the exchange coefficient for enthalpy transfer (c k ) showing that there is no evidence of an increase of c k with wind speed, in good agreement with the Humidity Exchange over the Sea (HEXOS) result (DeCosmo et al., 1996) . The ratio of c k /c d versus wind speed is relatively constant beyond (Powell et al., 2003) . Vertical bars represent 95% confidence limits. Solid line is an extrapolation of the Large and Pond (1981) Emanuel (1995) . Fluxes of heat and moisture are central to the TC intensity question and are usually determined from bulk aerodynamic formulae that utilize near-surface atmospheric observations and upper-ocean temperature data measured by ocean profiles. Atmospheric variables are estimated from GPS sondes (Hock and Franklin, 1998) deployed within the storm from both NOAA aircraft as well as Air Force Reserve reconnaissance flights. Surface winds are routinely measured by the SFMR (Uhlhorn et al., 2007) and GPS sondes measure profiles of temperature, pressure and humidity from flight level to the surface. For each measurement, 10-m values of these quantities are optimally interpolated to a storm-relative grid aligned with the direction of storm motion. The SFMR wind observations are objectively analyzed (Powell and Houston, 1996) and interpolated to the same grid as the GPS thermodynamic data. Finally, the SSTs observed by expendable ocean probes on in-storm flights are interpolated to the same grid as the GPS measurements as in Isidore and Lili . Key terms in the estimates for heat and moisture fluxes are temperature and specific humidity differences and the bulk transfer coefficient (i.e., Emanuel (2003) suggests that this ratio becomes independent of wind speed and that the ratio should be O(1), since below this value intense hurricanes cannot be simulated in the numerical model. Heat exchange coefficients have been set equal to c d (Cione et al., 2000) . An additional ocean forcing mechanism is the surface precipitation flux (rain rate). As noted above, freshwater input by rain alters the ocean response both by direct cooling due to rain that has a lower temperature than the SST, and by stabilizing the OML by decreasing the salinity and reducing the mixing rate (Price et al., 1986; Jacob and Koblinsky, 2007) .
Estimates of enthalpy fluxes during TC's Isidore and Lili were sensitive to the storm translation speed. In Isidore, peak enthalpy flux ∼1.7 kW m −2 is in the right-rear quadrant of the storm due to the high SSTs (∼30 • C) as there was a negligible decrease from pre-storm SST conditions, especially over the warm LC where ocean cooling was minimal . Although the maximum momentum flux (7 Pa) is in the right-front quadrant, TC Isidore's wind stress field was symmetric as it moved at only 4 m s −1 . Estimated maximum surface enthalpy fluxes in Lili were about 1.4 kW m −2 due in part to the marked asymmetry associated with the faster storm translation speed (7 m s −1 ) and smaller SSTs by about 1 • C. This result highlights how modest SST differences alter the surface heat fluxes in extreme winds (Cione and Uhlhorn, 2003) . Enthalpy fluxes were integrated along the track to obtain the cross-track (radial) distributions of net sea surface heat loss (Fig. 27) . The estimated surface heat loss in Isidore (∼9 kJ cm −2 ) is almost a factor of two larger than in Lili (∼4.5 kJ cm −2 ) due to the enhanced enthalpy fluxes, slower storm speed, and larger horizontal SST gradients along the western side of the Yucatan Strait. These inferred surface heat losses fluxes reflect the lack of the oceanic response of the LC observed during both TC's. For example, Cione and Uhlhorn (2003) argue that it is only inner-core SSTs that the storm underneath a storm if SSTs are changing by 
1
• to 2 • C. Since SSTs represent the boundary condition for OHC estimates from the satellite data, any SST decrease has to be reflected in the estimation procedure.
Summary and Concluding Remarks
Significant progress has been made in understanding the basic oceanic and atmospheric processes that occur during TC passage since 1995 (Ginis, 1995) . There is a continuing need to isolate fundamental physical processes involved in the coupled interactions through detailed process studies using experimental, empirical, theoretical, and numerical approaches with data assimilation methods. As suggested from new observations, these approaches are needed to improve predictions of tropical cyclone intensity and structure. Considerable ocean-atmosphere variability occurs over the storm scales that include fundamental length scales such as the radius of maximum winds and radius to gale-force winds. Here, the fundamental science questions are how the two fluids are coupled through oceanic and atmospheric boundary layer processes, and what are the primary time scales of this coupling? These questions are not easily answered as the interactions occur over a broad range of time and space scales. One school of thought is that the only important process with respect to the ocean is underneath the eyewall where ocean cooling has occurred. While it is at the eyewall where the maximum momentum and enthalpy fluxes occur, the broad surface circulation over the warm OML also has non-zero fluxes that contribute heat and moisture to the TC. The deeper the OML (and 26
• C isotherm depth), more heat (OHC) is available to the storm through the enthalpy fluxes. It is not just the magnitude of the OHC, since the depth of the warm water is important to sustaining surface enthalpy fluxes. Process studies need to begin to examine these multiple scale aspects associated with the atmospheric response to ocean forcing. To understand the coupling with the upper ocean, measurements must be made prior to the TC arrival over an oceanographic area to resolve background flows and the associated thermodynamics. Such data are needed not only to initialize ocean models (e.g., Loop Current, Kuroshio, Gulf Stream), but these data are required during the TC to examine vertical mixing processes on the upper ocean momentum and thermal response. In addition to aircraftbased sampling by AXCPs and AXCTDs and new profiling floats such as the EM/APEX and drifters, efforts along the southeastern United States are underway to deploy high frequency radars to map the surface currents to 200 km from the coast as part of an integrated ocean observing system. Such measurements would not only be invaluable to map the wind-driven surface currents during high winds, but also to map the directional wave spectra over the domain. These measurements could then be used to not only examine air-sea interactions and evaluate the coupled models, but also assess the relative importance of surface wave-current interactions in surge models.
Surface drag coefficient variations has received attention over the last five years largely through highly specialized experiments. Several treatments have come to the conclusion that there is a leveling off or saturation values of ≈30 m s −1 ± 3 m s −1 . The ratio of the enthalpy coefficient and the drag coefficient is central to air-sea fluxes impacting the TC boundary layer. In this context, the relationship between the coupled processes such as wave breaking and the generation of sea spray and how this is linked to air-sea fluxes remains a fertile research area. A key element of this topic is how the atmosphere responds to the oceanic forcing where there seems to be contrasting viewpoints. One argument is that the air-sea interactions are occurring over surface wave (wind-wave) time and space scales and induce intensity changes of more than a category. Yet empirical studies suggest the drag coefficients range between 1 and 4 × 10 −3 depending on the quadrant where the surface waves change direction relative to the 10-m winds (M. Powell, personal communication, 2007) . In the recent coupled model studies, the partitioning of the wind energy into the currents and waves remains an important research question. There should be more in depth experimental and empirical studies where surface waves are measured along with upper ocean currents and surface winds. Surface waves are essentially submesoscale phenomena that affect the enthalpy fluxes in differing quadrants, however, first-order balances are primarily between the atmospheric and oceanic boundary layers that constrain and impact the sea surface processes.
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